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[1] Seismic tomography has revealed two large low shear velocity provinces (LLSVPs) in

the lowermost mantle beneath the central Paciﬁc and Africa. The LLSVPs are further shown
to be compositionally different from their surroundings. Among several hypotheses put forth
in recent years to explain the cause of the LLSVPs, one postulates that they are
thermochemical piles caused by accumulation of subducted oceanic crust at the core-mantle
boundary (CMB). Mineral physics experiments indicate that oceanic crust becomes denser
than the surrounding mantle at lower mantle pressures. In addition, seismic observations
provide evidence of subducted slabs arriving at the CMB. However, a major question pertains
to whether subducted oceanic crust can survive viscous stirring associated with mantle
plumes and accumulate into piles with the same spatial scale as LLSVPs. We perform a set of
high-resolution convection calculations to examine this hypothesis by investigating the
interaction of thin oceanic crust (6 km) with mantle plumes. Our results show that as
subducted oceanic crust is swept toward upwelling plume regions, the majority of it is
viscously stirred into the surrounding mantle. Only a small amount of oceanic crust may
accumulate at the base of plumes, but it is consistently entrained away into the plume at a rate
equal to or greater than it is accumulated. We ﬁnd that it is difﬁcult for subducted oceanic crust
to accumulate into large thermochemical piles at the CMB.
Citation: Li, M., and A. K. McNamara (2013), The difficulty for subducted oceanic crust to accumulate at the Earth’s
core-mantle boundary, J. Geophys. Res. Solid Earth, 118, doi:10.1002/jgrb.50156.

1.

regions [Bunge et al., 1998; Zhong et al., 2000; McNamara
and Zhong, 2005]. The two LLSVP anomalies beneath
Africa and the central Paciﬁc are both of large size. As
demonstrated in recent seismic studies, the African anomaly
may be a single massive pile reaching 1300 km above the
core-mantle boundary (CMB), and the Paciﬁc anomaly
may contain several piles whose height ranges from
~400 km to at least 740 km [Wang and Wen, 2007; He and
Wen, 2009; He and Wen, 2012]. Interestingly, paleomagnetic constraints infer that the LLSVPs may have been
in their current locations for several hundred million years
[e.g., Torsvik et al., 2010]. The LLSVPs are also characterized by increased density [e.g., Ishii and Tromp, 1999;
Trampert et al., 2004], large d ln Vs/d ln Vp ratio [e.g., Wang
and Wen, 2007], and anticorrelation between seismic shear
velocity and bulk sound speed [Trampert et al., 2004]. In
addition, seismic traveltime and waveform studies indicate
sharp edges [e.g., Wen, 2001; Wen et al., 2001] and large
contrasts in elastic properties within the LLSVP regions,
particularly along the margins [e.g., Ni et al., 2002; Ni and
Helmberger, 2003; Wang and Wen, 2004; To et al., 2005;
Ford et al., 2006; He and Wen, 2009].
[4] The characteristics of the LLSVPs discussed above
suggest that their composition is different from that of the
background mantle [e.g., Ishii and Tromp, 1999; Masters
et al., 2000; Trampert et al., 2004; Hernlund and Houser,
2008]. Possible origins for a distinct composition of
LLSVPs may include (1) products resulting from the interaction between the mantle and core [e.g., Buffett et al., 2000;

Introduction

[2] Understanding the role that compositional heterogeneity plays in controlling mantle dynamics, and therefore heat
transport and thermal evolution, remains one of the most
challenging problems in Earth science. A critical question
relates to the origin and dynamic nature of the proposed
large-scale compositional heterogeneity in the Earth’s lower
mantle. Although it has long been proposed that the lowermost mantle of the Earth is compositionally heterogeneous
on a global scale [e.g., Masters et al., 2000; Trampert
et al., 2004], the cause of this heterogeneity and how it
affects mantle dynamics are not well understood.
[3] Seismic tomography studies have discovered the
existence of two large low shear velocity provinces
(LLSVPs) in the lowermost mantle beneath the central
Paciﬁc and Africa [e.g., Li and Romanowicz, 1996; Su and
Dziewonski, 1997; Grand, 2002; Ritsema et al., 2004].
These are regions furthest removed from paleosubduction,
and geodynamical studies have revealed that the Earth’s
subduction history should act to drive upwellings in these
1
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above the CMB. Most recently, Tackley [2011] simulated
the process of segregating subducted oceanic crust from a
compositionally stratiﬁed slab in both two-dimensional (2D) and three-dimensional (3-D) models. The results show
that a large fraction of subducted oceanic crust can segregate
and remain at the CMB if a primordial dense layer exists at
the lowermost mantle. However, the thickness of the oceanic
crust in his study is 30 km.
[7] It is not understood whether realistic thin 6 km oceanic
crust could survive vigorous entrainment from plumes and
accumulate into large piles at the CMB. In this study, we test
the possibility of accumulating large amount of subducted
oceanic crust at the CMB in the existence of upwelling
plumes. Our calculations are featured by high resolution
which allows us to study the subduction and accumulation
of a realistic thin oceanic crust (6 km).

Kanda and Stevenson, 2006], (2) remnants of primordial
dense reservoirs formed by differentiation in the Earth’s
early history [e.g., Wen, 2001; Wen et al., 2001; Labrosse
et al., 2007; Lee et al., 2010; Nomura et al., 2011], and (3)
accumulation of subducted oceanic crust at the CMB [e.g.,
Christensen and Hofmann, 1994; Brandenburg and van
Keken, 2007; Nakagawa et al., 2009; Tackley, 2011]. Each
of these possibilities is related to different dynamics and
the Earth’s chemical evolution [Wen, 2001; Wen et al.,
2001; Garnero and McNamara, 2008; Tackley, 2012].
[5] In this study, we test the third possibility using numerical modeling. Seismic tomography shows that subducted lithosphere is able to reach the lowermost mantle [e.g., Grand
et al., 1997; Li et al., 2008]. In addition, mineral physics
experiments indicate that oceanic crust becomes denser than
the surrounding mantle at lower mantle pressures [e.g., Hirose
et al., 2005]. Furthermore, geodynamical experiments reveal
that oceanic crust can delaminate from oceanic lithosphere in
the lowermost mantle [e.g., Tackley, 2011]. However, an
important question is whether subducted oceanic crust can
survive vigorous stirring associated with mantle plumes and
accumulate into large thermochemical piles with the same
spatial scale as LLSVPs. The fact that oceanic crust becomes
denser than the surrounding mantle at lower mantle pressures
would support this idea; however, because oceanic crust is
so thin compared to mantle-scale convection, it may not be
able to survive viscous stirring (i.e., viscous forces dominate
buoyancy forces). We investigate this question here by
performing high-resolution mantle convection calculations
that include realistic, 6 km, crustal thickness. We investigate
whether oceanic crust can accumulate in signiﬁcant quantities
in upwelling plume regions over billion year timescales.
[6] Previous numerical calculations have been conducted
to explore the possibility of subducted oceanic crust to accumulate at the CMB [e.g., Christensen and Hofmann, 1994;
Brandenburg and van Keken, 2007; Huang and Davies,
2007; Nakagawa et al., 2009; Tackley, 2011]. Christensen
and Hofmann [1994] modeled the process of segregation
and accumulation of subducted oceanic crust at the CMB.
They found that of the order of one sixth of the subducted
crust accumulated in pools at the bottom of the model, which
resides underneath thermal plumes. In their study, the thickness of the oceanic crust is about 30 km and the Rayleigh
number is moderately low because of computational limitation. Later, Brandenburg and van Keken [2007] expanded
the results of Christensen and Hofmann [1994] by studying
models with more Earth-like vigor. Their results show that
signiﬁcant accumulation is still possible at high Rayleigh
number, but only when the excess density of oceanic crust
in the lower mantle is larger than that currently suggested
from laboratory experiments. Huang and Davies [2007]
showed the ability of subducted oceanic crust to accumulate
at the CMB using three-dimensional (3-D) calculations in
which the mantle is only heated within and zero heat ﬂux
is employed at the CMB. As a result, plumes are suppressed
in their study. By incorporating self-consistently calculated
mineral physics into mantle convection models, Nakagawa
et al. [2009] found that a large amount of subducted dense
materials accumulate at the CMB. However, they state that
they assume more mid-ocean ridge basalt (MORB) material
in the petrological model, which explains why their calculations produce a much thicker layer of segregated MORB

2.

Method

[8] We conducted geodynamic calculations by solving the
following nondimensional equations for conservation of mass,
momentum, and energy using Boussinesq approximation:
!
r u ¼ 0
 
rP þ r e_ ¼ RaðT  BC Þ^z

@T
þ !
ur T ¼ r2 T þ Q
@t

(1)
(2)
(3)

[9] Here, !
u is the velocity, P is the dynamic pressure,  is
the viscosity, e_ is the strain rate tensor, T is the temperature,
C is the composition, ^z is the unit vector in the vertical direction, t is the time, and Q is the internal heating. The thermal
Rayleigh number Ra is deﬁned as
Ra ¼

r0 ga0 ΔTh3
 0 k0

where r0, a0, ΔT, 0, and k0 are the dimensional reference
values of density, thermal expansivity, temperature difference between the CMB and surface, reference viscosity at
temperature T = 0.5 (nondimensional), and thermal diffusivity, respectively. The g and h are the dimensional gravitational acceleration and thickness of the mantle, respectively.
[10] The chemical density anomaly is measured by buoyancy number B, which is deﬁned as
B¼

Δr
r0 a0 ΔT

where Δr is the dimensional density contrast between the
oceanic crust and background mantle.
[11] All boundaries have free-slip velocity boundary conditions. The temperature boundary conditions are isothermal
on the top and bottom and insulating on the sides. In this
study, we examine the dynamical relationship between
plumes and subducted oceanic crust, so by trial and error,
we established a long-lived stable convection conﬁguration
which contains downwellings surrounded by upwelling regions on both sides. To develop an appropriate initial condition, we ﬁrst performed a series of isochemical calculations
to ﬁnd the model with stable downwellings between two
2
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upwellings. After ﬁnding one, we ran the calculation until it
reached a steady thermal state. Then, we interpolated to a
high-resolution mesh and introduced about 6 million tracers
to represent the compositional ﬁeld.
[12] Compositional advection is performed using the ratio
tracer method [Tackley and King, 2003]. On average, each
element has 20 randomly distributed tracers which are
advected with mantle ﬂow. To provide a constant oceanic
crust at the surface, we prescribe a composition of 1 to
tracers that reach the upper 6 km of the model. As noted in
Christensen and Hofmann [1994], we also found that some
crustal tracers become artiﬁcially trapped to the side boundaries, which overemphasize the amount of crustal material
that accumulates in the lowermost mantle because it
descends directly into the lowermost thermal boundary

Table 1. Cases Used in This Studya
Case
1
2
3
4
5
6
7
8
9
10
11

B

Ra
7

0.8
10
0.6
107
1.0
107
1.2
107
1.5
107
0.8 5  106
0.8 5  107
0.8
107
0.8
107
0.8
107
0.8
107

A
6.91
6.91
6.91
6.91
6.91
6.91
6.91
9.21
6.91
6.91
6.91

Qcrust mppv Aspect Ratio
0
0
0
0
0
0
0
0
20
0
0

1.0
1.0
1.0
1.0
1.0
1.0
1.0
1.0
1.0
0.01
1.0

6
6
6
6
6
6
6
6
6
6
7

Figures
Figure 1
Figures 2a and 2b
Figures 2c and 2d
Figures 3a and 3b
Figures 3c and 3d
Figure 4a
Figure 4b
Figure 5
Figure 6
Figure 7
Figure 8

a
B: Buoyancy number; Ra: Rayleigh number; A: activation parameter for
temperature-dependent viscosity; Qcrust: internal heating for subducted oceanic
crust; mppv: viscosity contrast between post-Perovskite and Perovskite. Numbers in bold are the different parameters in each case from Case 1.

Figure 1. Case 1. (a) Snapshot (at 1.0 Gyr) of the nondimensional temperature ﬁeld with oceanic crust
superimposed (shown in green). (b) Logarithm of nondimensional viscosity at 1.0 Gyr. The black lines
are contours of viscosity with an interval of 0.5. (c) Nondimensional temperature and oceanic crust at
2.0 Gyr. (d) Nondimensional temperature and oceanic crust at 2.8 Gyr. Proﬁles of (e) horizontally
averaged nondimensional temperature, (f) logarithm of nondimensional viscosity, and (g) magnitude of
nondimensional velocity at 1.0 Gyr. This is the reference case.
3
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Figure 2. Snapshots of the nondimensional temperature and oceanic crust for (a, b) Case 2 and (c, d)
Case 3 at 1.0 Gyr in Figures 2a and 2c and 2.8 Gyr in Figures 2b and 2d. The buoyancy number is
B = 0.6 for Case 2 and B = 1.0 for Case 3.
of post-Perovskite by 2 orders. The phase transition is
expected to experience a double crossing in downwelling
regions [e.g., Hernlund et al., 2005] which has possibly been
observed by seismology [e.g., van der Hilst et al., 2007]. We
found that the following nondimensional depth-temperature
relationship produces double crossings of the transition
within lowermost mantle portions of the downwellings:

layer. To avoid this problem, on the upper half of the model,
crustal tracers are reverted back to normal background mantle if they enter a thin buffer width of 0.1 from the side
boundaries. In other words, we ignore the crust that is
subducted along the side boundaries of the domain to avoid
artiﬁcial accumulation of crust in the lowermost mantle.
[13] O’Farrell and Lowman [2010] found that it is appropriate to disregard internal heating in Cartesian models in
order to better simulate temperature conditions within spherical models that do include internal heating. In other words,
adding internal heating to Cartesian models will overheat
them and, as a consequence, suppress plume formation.
Our previous experience with both spherical and Cartesian
mantle convection modeling supports this idea, and we
arrive at the same general conclusion as O’Farrell and
Lowman [2010]. Therefore, we exclude internal heating for
most of our cases except Case 9 in which we employ internal
heating to the subducted oceanic crust to explore how this
affects our results.
[14] The Perovskite to post-Perovskite phase transition is
expected to form in relatively cooler portions of the lowermost mantle [e.g., Murakami et al., 2004; Oganov and
Ono, 2004; Tsuchiya et al., 2004; Hernlund et al., 2005].
It is possible that the post-Perovskite phase could be less
viscous than the background mantle by about 5–1000 times
[e.g., Hunt et al., 2009; Ammann et al., 2010]. We investigate this possibility in Case 10 by decreasing the viscosity

D ¼ T þ 0:5

where D is the nondimensional depth and T is the
nondimensional temperature. We use this relation as phase
boundary between Perovskite and post-Perovskite, and we
modify viscosity in post-Perovskite regions.
[15] Viscosity is a function of temperature, depth, and
Perovskite/post-Perovskite phase:
 ¼ 660 ppv exp½Að0:5  T Þ

where A and T are the activation parameter for temperature
dependence of viscosity and the nondimensional temperature,
respectively. The viscosity contrast due to temperature can be
computed by ΔZT = exp(A). 660 represents the viscosity
increase at the 660 km discontinuity. In all cases of this study,
660 = 50, indicating a 50 times viscosity increase from the
upper mantle to the lower mantle across the 660 km depth
[e.g., LithgowBertelloni and Gurnis, 1997]. ppv represents
4
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Figure 3. Snapshots of the nondimensional temperature and oceanic crust for (a, b) Case 4 and (c, d)
Case 5 at 1.0 Gyr in Figures 3a and 3c and 2.8 Gyr in Figures 3b and 3d. The buoyancy number is
B = 1.2 for Case 4 and B = 1.5 for Case 5.
in the top 6 km and bottom 600 km, resulting in resolutions
of 3 km and 6 km in these regions, respectively.
[17] To solve the conservation equations, we use our
modiﬁed version of the convection code, Citcom [Moresi
and Solomatov, 1995; Moresi and Gurnis, 1996], that
includes the thermochemical convection and compositiondependent rheology.

the prescribed viscosity decrease for post-Perovskite phase
transition (for Case 10).
[16] All cases are performed in 2-D Cartesian geometry.
We employed an aspect ratio of 6 for all cases except Case
11, for which the aspect ratio is 7. There are 1152 and 256
elements in the horizontal and vertical directions, respectively (1344  256 elements for Case 11). The grid is reﬁned

Figure 4. Snapshots (at 1.0 Gyr) of the nondimensional temperature and oceanic crust for (a) Case 6 and
(b) Case 7. The Rayleigh number is Ra = 5e6 for Case 6 and Ra = 5e7 for Case 7.
5
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Figure 5. Case 8. (a) Snapshot (at 1.0 Gyr) of the nondimensional temperature and oceanic crust. (b)
Logarithm of nondimensional viscosity at 1.0 Gyr. The black lines are contours of viscosity with an interval
of 0.5. This case employs temperature dependence of viscosity 10 higher than that of the reference case.
50 viscosity increase from the upper mantle to the lower
mantle (in addition to temperature-dependent viscosity). In
Case 1–Case 5, the density of oceanic crust is varied. The
effects of different Rayleigh numbers are explored in Case 6
and Case 7. The temperature dependence of viscosity is
increased in Case 8. In Case 9, we employ internal heating
to the subducted oceanic crust. Case 10 investigates a viscosity
softening due to post-Perovskite in high-pressure, cooler
regions [e.g., van der Hilst et al., 2007]. In Case 11, we choose
a different aspect ratio for the model. In order to be consistent
with experimental and theoretical results [Ringwood, 1990;
Hirose et al., 2005; Nakagawa et al., 2009; Ricolleau et al.,
2010], the buoyancy number of oceanic crust in all cases is
kept in the range of 0.6–1.5 which is equivalent to a density
increase of about 1.0–4.5% (depending on parameters used
for nondimensionalization) for oceanic crust with respect to
the background mantle.
[21] We deﬁne Case 1 as the reference case, in which the
buoyancy number is 0.8 and we use an activation parameter
of A = 6.91 for the temperature-dependent viscosity, which
leads to a maximum of 1000 viscosity contrast due to temperature. The Rayleigh number for this case is Ra = 1.0  107.
The steady state, initial condition features a downwelling
region in the middle of the domain, surrounded by upwelling
plume regions on both sides of it. Oceanic crust is continuously introduced in the upper 6 km of the model, and most
of which is ultimately subducted into the center downwelling
region. Figure 1a illustrates the combined temperature and
compositional ﬁeld after 1.0 billion years of model time. Note

[18] We perform the calculations for about 50 slab transit
times, equating to several billion years of geologic time.
Dimensionalized model time is often not that useful for
timing geologic events because it is highly sensitive to
accurately representing the viscosity structure, and hence
effective Rayleigh number, of the actual Earth. In other
words, modest uncertainties in viscosity lead to large uncertainties associated with using dimensional time to reference
geologic time. Instead, for problems such as this one, it is
more appropriate to reference the transit time that takes for
a slab to descend to the lowermost mantle, based on surface
velocity and mantle thickness. We use the following transit
time scaling law, from Christensen and Hofmann [1994],
to calculate the geological time:
tG ¼ tu0 t 

[19] where tG is the geological time and t and u0 are the
nondimensional time and the average nondimensional
surface velocity at the surface, respectively. The t* is the
transit time, which is given by t* = hM/uP, where hM is the
thickness of the mantle and uP is a representative mean
plate velocity for the Earth. We use a transition time of
60 Ma in this study.

3.

Results

[20] Here, we describe 11 representative cases (Table 1).
All cases have a thin, 6 km thick crust and an intrinsic

Figure 6. Snapshot of the nondimensional temperature and oceanic crust for Case 9 at 1.0 Gyr. The
subducted oceanic crust includes an internal heating of 20 in this case.
6
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Figure 7. Case 10. (a) Snapshot (at 1.0 Gyr) of the nondimensional temperature and oceanic crust. (b)
Logarithm of nondimensional viscosity at 1.0 Gyr. The black lines are contours of viscosity with an
interval of 0.5. The viscosity is reduced by 100 in post-Perovskite regions.
the density of the oceanic crust is further increased, with a
buoyancy number of 1.5. Snapshots in time are shown at
1.0 and 2.8 billion years in Figures 3c and 3d, respectively.
In this case, we see an increased amount of oceanic crust
resides at the base of plumes. However, the majority of the
subducted oceanic crust is still entrained up by plumes. At
any given time, the piles are quite small compared to the size
of LLSVPs, which extend vertically over 1000 km above
CMB [Wang and Wen, 2007; He and Wen, 2009; He and
Wen, 2012]. From Case 1 to Case 5, we ﬁnd that the fraction
of oceanic crust that accumulates at the CMB increases with
the density of oceanic crust. However, none of these cases generates large accumulations of oceanic crust at the CMB at the
scale of LLSVPs.
[24] Case 6 employs a lower Rayleigh number Ra = 5.0
 106. The combined temperature and composition ﬁeld is
shown in Figure 4a. In this case, two stable plumes form at
the CMB which consistently entrain the subducted oceanic
crust. Case 7 employs a higher Rayleigh number Ra = 5.0
 107. The combined temperature and composition ﬁeld
is shown in Figure 4b. The higher Rayleigh number leads to
a more vigorous convection. The subducted oceanic crust
experiences more vigorous entrainment into upwelling plumes
and is difﬁcult to accumulate into large piles at the CMB.
[25] Case 8 employs a higher temperature dependence of
viscosity, such that the temperature-dependent viscosity
contrast between the hottest and coldest regions is
10,000. The combined temperature and composition ﬁeld
and the logarithm of viscosity at 1.0 billion years are shown
in Figures 5a and 5b, respectively. We found two notable
differences between this case and the reference case. Case
8 lacked the small piles of oceanic crust at the base of mantle
plumes, and the oceanic crust was more efﬁciently stirred
into the background mantle. Lowered viscosity in the hightemperature regions led to weaker and more vigorously
advecting mantle plumes. Oceanic crust was unable to accumulate at the base of plumes due to more vigorous entrainment into the plume conduit. Furthermore, the decreased
viscosity in the upper mantle promoted more rapid stirring
there, and oceanic crust that returned to the upper mantle

the thin ribbon of oceanic crust within the downwelling
region. The relatively undisturbed crust descends with the
downwelling, without being stirred into the surrounding mantle. Once the crust reaches the lowermost mantle, along with
the downwelling, it begins to migrate laterally toward one of
the plume regions. Although the oceanic crust is denser than
the surrounding mantle, most of it is unable to escape the viscous drag and settle to the lowermost mantle. Once it reaches a
plume, it is viscously stirred into the background mantle. Several convection transit times have occurred by this time, and
the mantle is littered with remnants of older crust that had been
previously stirred by mantle plumes and is now being stirred
by larger-scale mantle convection ﬂow. The logarithm of the
viscosity ﬁeld at this time is shown in Figure 1b. Figures 1c
and 1d show similar results at 2.0 and 2.8 billion years. At
any given time, a small fraction of oceanic crust may reside
in a tiny pile in the lowermost 0–200 km of a mantle plume,
but this amount is variable and does not grow with time; it
is continually entrained into the mantle plume itself.
Figures 1e–1g show the depth proﬁles of average temperature,
viscosity, and velocity magnitude, respectively.
[22] Case 2 employs a lower-density crust, with a buoyancy number of 0.6. Snapshots in time are shown at 1.0
and 2.8 billion years in Figures 2a and 2b, respectively.
The results are very similar to that of Case 1, with the main
difference being that small piles of oceanic crust do not form
at the base of mantle plumes in this lower-density case. Case
3 employs a higher-density crust, with a buoyancy number
of 1.0. Snapshots at 1.0 and 2.8 billion years are shown in
Figures 2c and 2d, respectively. The results are characteristically similar to that of Case 1, and we did not identify any
noticeable differences from the reference case.
[23] In Case 4, the buoyancy number of the oceanic crust
is increased to 1.2. Snapshots in time are shown at 1.0 and
2.8 billion years in Figures 3a and 3b, respectively. The
results are quite similar to that of Case 1, with the main
difference being that only a slightly larger fraction of oceanic crust resides at the base of plumes. However, this
amount does not grow with time. In fact, there is a smaller
accumulation of crust at the CMB at 2.8 billion years
(Figure 3a) than at 1.0 billion years (Figure 3b). In Case 5,
7
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Figure 8. Snapshot of the nondimensional temperature and oceanic crust for Case 11 at 1.3 Gyr. The
aspect ratio is 7 in this case.
via plume upwelling and return ﬂow was promptly and
efﬁciently stirred into the background mantle.
[26] In Case 9, the subducted oceanic crust includes an
internal heating of Qcrust = 20. Figure 6 shows the combined
temperature and composition ﬁeld for Case 9 at 1.0 billion
years. The results are very similar to that of Case 1. We did
not identify noticeable differences from the reference case.
[27] In Case 10, we investigated the potential softening
of downwelling material due to the Perovskite to postPerovskite phase change [e.g., Hunt et al., 2009; Ammann
et al., 2010]. Because the post-Perovskite transition is
expected to occur in higher-pressure, colder regions of the
mantle, it should be mostly present in the lowermost mantle
portion of downwellings. In this case, we imposed a 100
viscosity reduction in regions of post-Perovskite phase transition. The combined temperature and composition ﬁeld and
the logarithm of viscosity are shown in Figures 7a and 7b,
respectively, at 1 billion years of model time. Note the
lowered viscosity at the base of downwelling regions. The
lowered viscosity at the base of the downwelling region
allows oceanic crust to migrate deeper, into the lower
thermal boundary layer above the bottom boundary (i.e., coremantle boundary). However, the crust is still easily entrained
up by upwelling plumes.
[28] In Case 11, we employ an aspect ratio of 7 for the
model. Figure 8 shows the combined temperature and composition ﬁeld for Case 11 at 1.3 billion years. This case is
featured by two downwellings on both sides of one upwelling plume in the center of the model. Although approximately twice the amount of oceanic crust comes into
interaction with this plume compared to previous cases, the
subducted oceanic crust is still entrained into this plume,
and no crustal material resides at the base of the plume.
Small piles exist at the base of the plumes at/near the side
boundaries. However, these piles could be more inﬂuenced
by boundary conditions and are not representative.

4.

the inﬂuences of different aspect ratios of the model. We
found that viscous stirring caused by mantle plumes was
stronger than the negative buoyancy of oceanic crust, and
the majority of the subducted oceanic crust was stirred into
the surrounding mantle. For some cases, a small amount of
oceanic crust formed small, narrow piles on the order of
hundreds of kilometers or less in height at the base of mantle
plumes. This material was subsequently entrained into
plumes at a rate equal to or exceeding the rate at which it
could accumulate. Even though the buoyancy number of
subducted oceanic crust is increased to 1.5, it is still difﬁcult
to accumulate into large piles at the CMB with the same
scale as LLSVPs. Our results are consistent with that of
Deschamps et al. [2012] who show that seismic velocities
of LLSVPs are better explained by iron and silicate-rich primordial materials than subducted oceanic crust.
[30] Our cases assumed a crustal thickness and a density
that remained constant, at present-day values, over billions
of years. If oceanic crust was thicker or denser in the
geologic past, it would have stronger negative buoyancy and
could therefore accumulate into large thermochemical structures in the lowermost mantle. For example, Brandenburg
and van Keken [2007] found that if oceanic crust has a density
higher than that inferred from experimental results, signiﬁcant
accumulation of crust could occur. This also occurs in calculations in which the oceanic crust is signiﬁcantly thicker than
present-day values [e.g., Nakagawa et al., 2009]. Furthermore,
warmer mantle temperatures associated with earlier geologic
times could facilitate temporary storage of oceanic crust in
the transition zone that could episodically avalanche into the
lower mantle, enhancing accumulation within the lower mantle [e.g., Davies, 2008]. Therefore, it is possible that different
conditions associated with early Earth history may have promoted the accumulation of oceanic crust.
[31] We found that weakened post-Perovskite facilitated
segregation of oceanic crust, allowing it to reach the
lowermost thermal boundary layer, consistent with that of
Nakagawa and Tackley [2011]. However, their study found
that weakened post-Perovskite increased the amount of
accumulation, whereas we ﬁnd that once the oceanic crust
reaches the lowermost thermal boundary, it is sheared and
stretched, becoming even thinner and more easily stirred
and entrained into mantle plumes. The thickness of the crust
in Nakagawa and Tackley [2011] is unclear because they
employ a melt algorithm to generate the crust, which may
lead to thicker crust at earlier times.
[32] We allow downwellings to form self-consistently,
which results in symmetric subduction. As a result, our effective crustal thickness in the downwelling varies up to
twice the crustal thickness (we measured a representative

Discussion and Conclusion

[29] We investigated whether the negative buoyancy associated with subducted oceanic crust can overcome the viscous forces associated with mantle plumes and accumulate
into large thermochemical piles with the same size as
LLSVPs. In the cases presented here, we varied the density
of oceanic crust relative to the surrounding mantle, the temperature dependence of viscosity, the Rayleigh number, the
internal heating of subducted oceanic crust, and a potential
weakening of slab regions due to a rheological weakening
from the post-Perovskite phase transition. We also explore
8
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the effects of increasing the temperature dependence of
viscosity by a factor of 10.
[34] In summary, one hypothesis for the cause of LLSVPs
is that they are thermochemical piles caused by accumulation of subducted oceanic crust at the CMB. However,
although subducted oceanic crust is denser than its surroundings, it was unclear whether thin oceanic crust could provide
enough negative buoyancy to overcome viscous stresses that
act to stir the crust into the mantle. Our results ﬁnd that
viscous forces caused by mantle plume regions are stronger
than the negative buoyancy of subducted oceanic crust, so
the crust is easily stirred into the background mantle. A
small amount of crustal material may collect at the base of
plumes, but it is sufﬁciently entrained away into the plume
and does not accumulate into larger-scale thermochemical
structures. Therefore, it is difﬁcult for the subducted oceanic
crust to accumulate into large piles at the CMB with the
same size as LLSVPs. Our study does not preclude accumulation of oceanic crust at earlier times in the Earth’s history
when oceanic crust may have been thicker and/or the early
Earth’s mantle facilitated storage and later avalanching of
crust at the transition zone.

snapshot to be ~9 km thick at the top of the lower mantle). In
order to keep the mesh resolution in the lowermost mantle at
least as ﬁne as the crustal thickness, we did not explore thinner crust. From our preliminary calculations and other studies [e.g., Nakagawa et al., 2009], we found that the amount
of long-term crustal accumulation at the base of the mantle
increases with greater crustal thickness. Therefore, our results likely represent an upper bound, and thinner crust
would be more easily stirred by and entrained into mantle
plumes. Alternatively, we explored using kinematic boundary conditions at the surface which generated asymmetric
subduction, but we were unable to ﬁnd a satisfactory conﬁguration that prevented downwellings from unnaturally
deﬂecting in an artiﬁcial, kinematically induced mantle
wind. Tackley [2011] reproduced asymmetric subduction
by imposing a slab in a uniform, nonconvecting mantle as
the initial condition. In some cases, the descending lithosphere and crust ﬂipped upside down, allowing the crust to
come into contact with the lowermost thermal boundary
layer (not being impeded by the lithosphere), allowing it to
be more easily segregated, especially in 3-D calculations. It
is unclear how to compare this study to ours, in terms of
the amount of crustal accumulation. In Tackley [2011],
plumes form in response to the slab contacting the CMB,
whereas in our calculations, oceanic crust is swept toward
preexisting plumes within upwelling regions. Furthermore,
in Tackley [2011], the oceanic crust is prescribed to be
30 km thick because of presumed thickening as a slab passes
through a viscosity increase at the top of the upper mantle.
Our calculations employ a 50 viscosity increase; however,
we ﬁnd that the crust does not thicken when passing into
higher-viscosity lower mantle. Some previous studies on
viscous mixing show that mixing in 3-D is as efﬁcient as that
in 2-D [Coltice and Schmalzl, 2006; Ferrachat and Ricard,
1998]. This implies that there should not be large difference
between 2-D and 3-D calculations in terms of the amount of
crustal material that can accumulate in upwelling regions.
[33] In Case 1 and Case 8, we investigated changing the
temperature dependence of viscosity from 1000 (Case 1)
to 10,000 (Case 8). We found that increasing the temperature dependence of viscosity did not cause an increase in
accumulation of oceanic crust at the CMB. At ﬁrst glance,
this appears to contradict to Christensen and Hofmann
[1994], who found that the amount of crust segregation
increases with the degree of temperature dependence of
viscosity. Therefore, we performed additional cases with
temperature-dependent viscosity in the range of isoviscous
to 10,000 viscosity contrast due to temperature. Like
Christensen and Hofmann [1994], we found that the amount
of oceanic crust accumulating at the CMB roughly increases
with the degree of temperature dependence of viscosity.
However, in all cases, the amount of accumulation remains
small. After more detailed comparison between Case 1 and
Case 8, we found that a higher degree of temperature dependence of viscosity leads to higher viscosity contrast around
the top of downwelling regions. This leads to larger velocity
gradient in these regions where oceanic crust is more
stretched and becomes slightly thinner (about 1 km thinner).
Therefore, to ﬁrst order, the amount of crustal accumulation
at the CMB should increase with the degree of temperature
dependence of viscosity; however, our results show that
even a slight reduction of crustal thickness can counteract
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